The formation of the tropical cold-point tropopause (CPT) is examined using a dry primitive equation model driven by the Held-Suarez forcing. Without moist and realistic radiative processes, the dry model successfully reproduces the zonal-mean structure of the CPT. The modeled CPT is appreciably colder (;10 K) than the prescribed equilibrium temperature, and it is maintained by upwelling in the tropical upper troposphere and lower stratosphere (UTLS). A transient simulation starting from an axisymmetric steady state without the CPT shows that the evolution and maintenance of the CPT are closely related to the zonalmean-flow response to wave driving in the stratosphere. The transformed Eulerian-mean analysis indicates that the wave driving is mostly due to convergence of synoptic-scale waves originating from the midlatitude troposphere and propagating into the subtropical UTLS in this model simulation. The modeled CPT also shows a large sensitivity to increased baroclinicity in the equilibrium temperature. Although planetary-scale waves are not considered in this simulation, the result confirms that wave-driven upwelling in the tropical UTLS is a crucial process for the formation and maintenance of the CPT. In addition, it also implies that synoptic-scale waves may play a nonnegligible role in this mechanism, particularly in the seasons when planetary-scale wave activity in the lower stratosphere is weak.
Introduction
In the tropics, the temperature lapse rate suddenly changes its sign at ;17 km, forming a sharp local minimum in the temperature profile. This sharp temperature minimum, the so-called cold-point tropopause (CPT), is a distinctive characteristic of the tropical tropopause and has interesting implications in various climate processes. As an important example, the thermal property of the CPT is intimately connected to the stratosphere-troposphere exchange process, which could significantly affect Earth's radiation budget by modifying the atmospheric composition. In particular, temperature of the CPT plays a crucial role in setting the amount of the water vapor in the stratosphere (Mote et al. 1996; Randel and Jensen 2013) and cirrus clouds in the tropical tropopause layer (Davis et al. 2013) . These are very important atmospheric properties that affect the surface climate through radiation process (Forster and Shine 2002; Solomon et al. 2010) .
Since the discovery of the tropopause in the midlatitude and tropics in early twentieth century [see the historical review by Labitzke and van Loon (1999) ], its formation and maintenance were interesting physical and dynamical problems that have long been studied (Manabe and Strickler 1964; Highwood and Hoskins 1998; Seidel et al. 2001; Thuburn and Craig 2002; Fueglistaler et al. 2009; and references therein) . Early studies have primarily considered radiative and convective processes. Manabe and Strickler (1964) , for example, have successfully reproduced the vertical temperature profile in the tropics by combining radiative-convective equilibrium state in the troposphere and radiative equilibrium state in the stratosphere. Extending this study, Thuburn and Craig (2002) suggested that the thermal structure near the tropical tropopause can be largely explained by the radiative effects of CO 2 and O 3 . In addition, the importance of H 2 O in the radiation budget of the upper troposphere and lower stratosphere (UTLS) is also stressed recently (T. Birner 2014, personal communication) . These studies, however, offer only a limited explanation on the thermal structure because the resulting CPT is considerably warmer than the observed one (e.g., Gettelman et al. 2004; Fueglistaler et al. 2009 ). More importantly, observations show a localized layer of radiative heating instead of cooling near the CPT [;0.3 K day 21 ; cf. Fig. 12b in Fueglistaler et al. (2009)] , and this implies that radiative process alone cannot explain the sharp cold peak in the observation. Beyond the radiative equilibrium, the sharp CPT has been explained by two key processes: diabatic cooling associated with deep convection and cirrus clouds near the tropopause and adiabatic cooling associated with tropical upwelling in the UTLS. The idea of deep convection and cirrus clouds explains the CPT by convective overshooting and cloud-top detrainment followed by physical cooling (Sherwood and Dessler 2003; Küpper et al. 2004; Kuang and Bretherton 2004) or hydrostatic adjustment at the tropopause level to the convective heating below (Holloway and Neelin 2007) . These ideas are supported by strong coherence between the locations of deep convection and temperature minima at the CPT (e.g., Johnson and Kriete 1982; Gettelman et al. 2002; Kim and Son 2012) and works successfully in explaining the local or regional cooling of the CPT.
The other mechanism is based on adiabatic cooling by wave-driven upwelling across the CPT. This idea focuses on explaining the global (zonal mean) structure of the CPT. The upwelling is essentially a part of the stratospheric Brewer-Dobson circulation (BDC; Brewer 1949; Dobson 1956 ), which is driven by wave forcing both in the extratropical stratosphere (deep branch of the BDC; Garcia 1987; Yulaeva et al. 1994; Holton et al. 1995; Plumb and Eluszkiewicz 1999) and in the subtropical lower stratosphere (shallow branch of the BDC; Randel et al. 2008; Birner and Bönisch 2011; Garny et al. 2011) . The deep branch of the BDC is driven by planetary-scale and gravity waves that propagate and break in the middle and upper stratosphere (e.g., Holton et al. 1995; Plumb 2002) , and the shallow branch is organized by planetaryand synoptic-scale waves that are trapped and break in the tropical UTLS (Plumb 2002; Birner and Bönisch 2011; Abalos et al. 2014 for transient response) . Recent studies have shown that CPT temperature is more closely related to the shallow branch than the deep branch of the BDC (Garny et al. 2011; Ueyama et al. 2013; Grise and Thompson 2013) .
The formation and maintenance mechanisms of the CPT may be an essential part to understanding its role of the CPT in general circulation and global climate change. Although many processes affect the CPT as described above, the zonal-mean structure of the CPT is largely determined by the balance between radiative (or radiative-convective) heating and dynamic cooling. In fact, the zonal-mean structure is qualitatively well reproduced in a dry general circulation model (GCM) experiment, even without detailed convective and radiative processes. One good example is the Held and Suarez experiment (Held and Suarez 1994, hereinafter HS) shown in Fig. 1 . The dry primitive equation model driven by thermal relaxation toward an axisymmetric equilibrium temperature (Fig. 1a) generates the well-defined CPT around 100 hPa (Fig. 1b) , although no CPT is prescribed in the equilibrium temperature (Fig. 1a) . A similar result has been presented in several idealized modeling studies (Chen and Sun 2011; Haqq-Misra et al. 2011; Ueyama et al. 2013) . However, no systematic study has been made to understand the formation of the CPT in the HS-type experiments in spite of its extensive use in the atmospheric general circulation studies (e.g., Polvani and Kushner 2002; Son and Lee 2005; Butler et al. 2010; Chen and Sun 2011) .
In this context, the present study revisits the HS experiment and documents the dynamical mechanism of the CPT formation and maintenance in the HS-like simulations. The formation mechanism is examined using the transformed Eulerian-mean (TEM) framework focusing on wave-driven circulation, and the effectiveness of wave forcing in this mechanism is tested. Both axisymmetric (eddy free) and nonaxisymmetric (eddy permitting) simulations are made in order to understand the net effect of wave forcing. The temporal evolution of the CPT is further examined by conducting a transient simulation starting from an initial state that does not have the CPT. In short, it is found that adiabatic cooling by wave-driven upwelling in the tropical UTLS is the key mechanism of the CPT formation, and this upwelling is mainly driven by the convergence of synoptic-scale waves in the subtropical UTLS.
In next section, the model and experiment design are briefly described. Key results are then presented in section 3. In section 4, the robustness of the results is tested using a suite of sensitivity experiments. Finally, section 5 summarizes overall findings of this study and discusses their implication to the observed CPT.
Dynamic-core GCM experiments a. Control simulation
We use a dry dynamic-core GCM developed by the Geophysical Fluid Dynamics Laboratory (GFDL). It solves the primitive equations on terrain-following s coordinates using a spherical-transform method. The control simulation is made at T42 resolution with 40 unequally spaced s levels, which is defined in Chen and Zurita-Gotor (2008) . The model top is 0.01 hPa, and 20 levels are located above 100 hPa. To prevent artificial wave reflection from the model top, a sponge layer is used for the model levels above 0.5 hPa as in Chen and Zurita-Gotor (2008) .
The control run is made with the HS forcing as defined in HS. Briefly, the model is forced by relaxing toward a prescribed axisymmetric temperature T e and dissipated by internal diffusion and Rayleigh friction near the surface. The HS T e is given as
where T 0 is the surface temperature at the equator (315 K), D h is an equator-to-pole temperature difference at the surface (60 K), D y is a static stability parameter (10 K), u is the latitude, k 5 2/7, and p 0 5 1000 hPa. The T e has statically stable but baroclinically unstable thermal structure; thus, eddies primarily develop through baroclinic instability. The relaxation time scale t is 4 days at the equatorial surface and gradually increases up to 40 days in the high latitudes or above the middle troposphere (for more detail, refer to HS). For internal diffusion, the eighth-order hyperdiffusion is used with a damping time scale of 0.1 days for the smallest spherical harmonics. Gravity wave drag is not included in the model. All simulations are made for 10 000 days with perpetual equinox conditions, of which the last 9000 days are used for the climatology and analyses. No seasonality is considered in the simulations.
b. Axisymmetric simulation
To isolate the thermally driven circulation, the model is also integrated with an axisymmetric (2D) configuration. In the same model, zonal waves are truncated at wavenumber 0; thus, no wave exists in the zonal direction, while both the meridional and vertical resolutions are kept the same as in the control run (T42, 40 levels). This simple treatment, however, results in significant oscillations in the subtropical circulation (Held and Hou 1980; Kim and Lee 2001; Son and Lee 2005;  Bordoni and Schneider 2010) . This is mainly due to the local inertial instability developing in the course of the model integration. To reduce this instability, the secondorder vertical diffusion is added to the momentum and thermodynamic equations as in Held and Hou (1980) , and surface drag is used instead of Rayleigh friction for the bottom boundary as in Kim and Lee (2001) . Specifically, a constant kinematic diffusivity n of 0.4 m 2 s 21 is used for vertical diffusion of the zonal and meridional momentum. The same coefficient is also applied to the potential temperature by assuming the Prandtl number of 1. The axisymmetric run reaches steady state very quickly even with the weak vertical diffusion, but the weak vertical diffusion does not fully suppress the local instability in all experiments; noticeable wiggles still exist in temperature and wind field although they are in steady state. To damp this noise in the axisymmetric run, previous studies have used a high vertical diffusion coefficient up to 3-5 m 2 s 21 (e.g., Bordoni and Schneider 2010) . This strong diffusion does not change the qualitative result of the axisymmetric simulation. However, it significantly affects the companion nonaxisymmetric (3D) simulation, which uses the same vertical diffusion for comparison purpose.
With the strong vertical diffusion, the modeled CPT broadens out in the vertical direction, and the associated westerly jet extends into the upper stratosphere because meridional temperature gradient is weakened in the subtropical UTLS. This is unrealistic; thus, the small vertical diffusion, n 5 0.4 m 2 s 21 is used for the axisymmetric and accompanying nonaxisymmetric simulations. Note that vertical diffusion is used only for axisymmetric simulation and its companion nonaxisymmetric simulation. No vertical diffusion is applied to the control simulation and sensitivity runs described below.
c. Transient simulation
The time evolution of the CPT is also investigated by integrating the model from an initial condition that does not have the CPT. The same configuration as in control simulation is used for the transient simulation except for the initial condition. The initial condition is basically obtained from the axisymmetric steady state, but instead of simply using the axisymmetric steady state, the initial condition is slightly modified using the procedure described in Branscome et al. (1989) . Briefly, it finds a balanced state that can be steady solution of the model using a given temperature field and by setting meridional wind to zero. Temperature field from the axisymmetric steady state is used for this computation. Based on this balanced state, a total of 40 ensemble members are generated by adding random perturbations to the vorticity field at the lowest three model levels. The maximum size of the perturbation is 10 27 s
21
, which is roughly 0.1% of the planetary vorticity in the midlatitude. The simple ensemble mean is used for the analysis. This experiment effectively reveals the formation process of the CPT and the role of baroclinic eddies in the process.
d. Sensitivity tests
The robustness of the finding is further tested by integrating the model with different resolutions. Both horizontal and vertical resolutions are systematically changed. The sensitivity to the choice of the T e profile itself is also tested. As in Son et al. (2007) , another T e profile proposed by Schneider and Walker (2006, hereinafter SW) is tested. The SW T e is similar to the HS T e . However, it is statically unstable (e.g., Fig. 1 in Son and Polvani 2007) and uses a dry convective adjustment to stabilize the temperature profile when the atmosphere becomes statically unstable. The convective adjustment has a much shorter time scale (4 h) than the radiative equilibrium (10-40 days), and it mimics the radiativeconvective equilibrium in a more realistic way, although it is still very simplified process. We used the parameters of the Earth-like simulation in SW, unless indicated otherwise. These sensitivity tests are documented in section 4. Figure 1 shows the HS T e and simulated zonal-mean climatology (temperature and zonal wind) from the control run. The climatology presents the tropospheric jets centered near 408 at 250 hPa in both hemispheres with poleward redistribution of heat in the troposphere. As already discussed, it shows the distinct CPT around ;100 hPa in the tropics (114 hPa at model level) with a minimum zonal-mean temperature below 190 K (Figs. 1b, c) . This temperature is roughly 10 K colder than the T e , to which the temperature keeps relaxed (Fig. 1c) . Given the fact that the thermal relaxation toward the T e is balanced by dynamic heating/cooling in the climatological steady state, it is naturally inferred that the CPT shown in Fig. 1b is formed by dynamic cooling in the tropical UTLS.
Results

a. Thermodynamic balance
The thermal balance can be readily examined using the TEM thermodynamic equation in log-pressure coordinate,
where the overbar represents the zonal mean, and the prime is a perturbation from the zonal mean. All other symbols are standard, as in Andrews et al. (1987) . The zonal-mean diabatic heating is Q, defined as Q 5 2(u 2 u e )/t in the HS experiment, where u e 5 T e e kz/H with k 5 2/7 and H 5 7 km. The TEM residual velocities on the left-hand side are defined as
where a is the radius of Earth (6371 km) and r 0 5 r s e 2z/H with r s the reference surface density (1.48 kg m 23 ; this value does not affect the result). For a long-term mean, the local tendency term ›u/›t can be neglected, and Eq.
(2) may be written as
It suggests that the external thermal forcing term on the right-hand side should balance the dynamic forcing terms on the left-hand side. Figure 2a shows that the external heating [shading; the right-hand-side term of Eq. (5)] is well balanced by dynamic forcing [contour; sum of the left-hand-side terms of Eq. (5)] in the steady state. The external forcing tends to warm the tropics but cool the extratropics, roughly mimicking the basic role of the radiative forcing in the atmosphere. Except for the near-surface heating, the maximum external warming is found in the tropical UTLS (Fig. 2a ). Since the model is relaxed to roughly isothermal temperature (200 K; see Fig. 1c ) in the tropical UTLS, this warming is a response to the colder temperature (,200 K) in the tropical UTLS produced by dynamic cooling. This balance is similar to the result from a free-running GCM (WACCM) in Abalos et al. (2013) .
The above result suggests that the formation of the CPT in the model can be understood by examining the thermal balance. Figure 2a also shows that the thermal balance in the upper troposphere and stratosphere is to some extent separated from that in the middle and lower troposphere. For example, dynamic cooling (and external heating) in the tropical UTLS is well separated from the near-surface cooling that is confined within the boundary layer. Similarly, dynamic warming in the extratropical stratosphere is also separated from that in the troposphere by the local minimum around the tropopause. These results suggest that the zonal-mean temperature in the upper troposphere and stratosphere, especially above 250 hPa, may be determined by different process(es) compared to that controls the troposphere in the model. The decomposition of dynamic forcing further clarifies this question. Figures 2b-d show the three dynamic terms on the left-hand side of Eq. (5), respectively. They clearly show that the strong dynamic cooling in the tropical UTLS is mostly caused by adiabatic cooling due to tropical upwelling (Fig. 2c) . This contrasts to the nearsurface cooling over 608S-608N, which is mainly caused by the cold advection from the surface residual circulation (Fig. 2b) . It is noteworthy that most of dynamic heating in the stratosphere is driven by adiabatic heating (Fig. 2c) , while a large portion of the tropospheric heating is caused by meridional temperature advection, particularly in the midlatitude (Figs. 2b) . Note a qualitatively similar dynamic forcing is also found in a comprehensive GCM (CMAM; Birner 2010). As shown in Fig. 2d , the contribution of leftover eddy terms to the thermodynamic budget-that is, the third term on the lefthand side of Eq. (5)-is rather minor in our simulation. Essentially no contribution is found in the stratosphere.
Tropical upwelling in the UTLS is illustrated in Fig. 3a in terms of the streamfunction. In this region, streamlines cross the isentropes, and associated upwelling causes adiabatic cooling over the broad region from 308S to 308N. Although this upwelling decays rapidly with height, the strong stratification above 150 hPa results in the maximum adiabatic cooling at around 100 hPa (Fig. 3c) . Since the stratification is partly forced by the T e profile (Fig. 1c) , this result suggests that tropical upwelling across the prescribed tropopause is the key factor that determines the maximum dynamic cooling in the tropical UTLS and the formation of the CPT in this simulation.
Figure 3a also shows that tropical upwelling is a part of the BDC in the model. Upwelling is evident in the tropical lower stratosphere (above 100 hPa), and downwelling is predominant in the high-latitude stratosphere. This feature resembles the BDC in the atmosphere although this model misses the deep branch owing to lack of the background westerly in the stratosphere. It is also clearly shown from Fig. 3b that the waves propagate upward up to ;50 hPa around the westerly jet (EP-flux vectors). These vertically propagating waves play a crucial role in driving the BDC. As discussed later, these waves are dominated by the synoptic scale as there is no source of planetary-scale wave in the model. It might be considered that synoptic-scale waves are less efficient than planetary-scale waves in driving large-scale circulation in the stratosphere as their critical level is located at lower altitude compared to that of planetary-scale waves (Charney and Drazin 1961) . However, recent studies have shown that they can still drive a notable BDC in an idealized GCM (e.g., Chen and Sun 2011; Haqq-Misra et al. 2011; Ueyama et al. 2013 ).
b. Tropopause upwelling
The nature of tropical upwelling is further examined in this section. Tropical upwelling, in terms of the residual vertical velocity w * , can be reproduced by using TEM mass continuity and momentum equations (e.g., Haynes et al. 1991; Randel et al. 2002; Kerr-Munslow and Norton 2006) :
where h 5 f 2 (a cosf) 21 (u cosf) f is the absolute vorticity of the zonal-mean flow, DF 5 [1/(r 0 a cosf)]$ Á F is the scaled Eliassen-Palm flux (EP flux) divergence, and X represents forces by unresolved processes. By averaging the mass continuity equation [Eq. (6)] over a latitude band (2f 0 , f 0 ), and integrating it in vertical from the top to a certain level z, we can obtain tropical mean vertical velocity over the latitude band as follows:
Here angle brackets denote latitudinal average over 2f 0 to f 0 . The vertical velocity w * is assumed to be zero at the top. Equation (8) indicates that latitudemean vertical velocity at a given level hw * i(z) can be estimated from the meridional mass divergence at the latitude boundary integrated above the specified level. By rearranging Eq. (7), y * can be derived as
If vertical integration of Eq. (8) is performed along a constant angular momentum line [refer to Haynes et al. (1991) ] and neglecting the unresolved forcing X, Eq. (8) may be expressed as below as in Randel et al. (2002) :
where Ð (Á) m dz denotes integration along a constant angular momentum. Subscript m in hw m * i indicates that this is upwelling estimated from the momentum equation. In this study, hw m * i is estimated over the latitude band 158S-158N and vertical integration is made following a constant latitude instead of constant angular momentum. It is worth noting that the momentum balance can be ill defined near the equator because h becomes zero. However, the balance [Eq. (9)] is well satisfied at both 158S and 158N where the meridional mass flux is estimated. Figure 4 presents hw m * i estimated from Eq. (10) (thick black) along with hw * i directly computed from Eq. (4) at the CPT (thick gray). They are remarkably similar to each other in both the daily variation and long-term mean, indicating that tropical upwelling can be quantitatively evaluated by considering the local wind tendency and wave driving. The decomposition of hw m * i into the contributions by wind tendency and the meridional and vertical EP-flux convergences further shows that tropical upwelling is largely explained by the meridional EP-flux convergence (thin red) with a rather minor but nonnegligible contribution of the vertical EP-flux convergence (thin blue).
2 The wind tendency is important in the short-term variability (,30 days). However, its contribution on time-mean hw m * i is negligibly small. In general, the wind tendency term tends to balance wave forcing and partly reduce the fluctuation of hw m * i. The potential role of the EP flux in driving hw m * i is readily seen in Fig. 3 . The Rossby waves, which propagate from the troposphere to the stratosphere, refract equatorward (vectors), resulting in the EP-flux convergence in the subtropical lower stratosphere. The associated easterly momentum deposit is then balanced by the Coriolis torque of the poleward motion (y * ) in the subtropical stratosphere. This wave driving yields tropical upwelling as indicated in Eq. (8).
The above results indicate that tropical upwelling across the modeled CPT is primarily driven by wave forcing in the subtropical lower stratosphere. This wave-driven upwelling, estimated only from the EPflux divergence hw DF * i (i.e., the wind tendency term neglected), is further decomposed into different zonal wavenumbers in Fig. 4b . The result shows that a large portion of tropical upwelling is due to synoptic-scale waves with zonal wavenumbers 4-9. This is not surprising because there is no external planetary wave source in the model.
How do synoptic-scale waves propagate into the lower stratosphere? This is likely a result of the vertically extended westerly jet in the model (Fig. 3b) . Considering the quasigeostrophic refractive index n 2 k on the beta plane, waves can propagate vertically in the regions where n 2 k is positive (Charney and Drazin 1961; Dickinson 1968) :
where q y is meridional gradient of background potential vorticity, k is a zonal wavenumber, and « 5 f the Coriolis parameter f 0 and buoyancy frequency N. This equation is identical to Eq. (4.5.28) of Andrews et al. (1987) , and all symbols are standard. For synopticscale waves, whose phase speed is not negligible (;5 m s 21 in the subtropics; Randel and Held 1991), the first term on the right-hand side of Eq. (11) is large and synoptic waves with a relatively large wavenumber can still satisfy the propagating condition. As shown in Fig. 3b , the simulated westerly jet is extended in the vertical, and zonal wind at 100 hPa is faster than 5 m s 21 over 208-608N/S where wave activity is strong. This vertically extended westerly allows synoptic-scale waves to propagate farther upward (see EP-flux vectors in Fig. 3b ).
c. Sensitivity to baroclinicity
It is so far shown that the CPT is formed by adiabatic cooling resulting from tropical upwelling in the UTLS. This upwelling is primarily driven by convergence of synoptic-scale waves in the tropical lower stratosphere. The robustness of this finding is tested in this section by performing a series of sensitivity runs with varying baroclinicity in the T e profile. In the HS T e , baroclinicity can be modulated by the two parameters that control meridional temperature gradient (D h ) and static stability (D y ) [Eq. (1)]. The baroclinicity is proportional to the vertical wind shear (or horizontal temperature gradient considering the thermal-wind relationship) and inversely proportional to the static stability. As such, the baroclinicity of the HS T e can be increased by increasing D h or decreasing D y .
Figures 5a and 5b summarize the sensitivity of CPT temperature to the varying D h and D y . As expected from the results of the previous section, CPT temperature becomes colder as the baroclinicity increases (D h increases or D y decreases); it is anticorrelated with the baroclinicity of the T e profile. More importantly, the modeled CPT temperatures show strong sensitivity to the background baroclinicity. In Fig. 5a , CPT temperature changes roughly 8 K in the range of D h change. Particularly, it changes ;5 K when D h is increased from 20 to 40 K. This strong sensitivity implies that baroclinic (largely synoptic scale) waves might be very influential in setting temperature at the CPT.
It may be worth to note that CPT temperature does not change much when D h is large. This saturation of CPT temperature can partly be explained by the eddy activity, which is measured by total eddy kinetic energy (EKE). The location of the maximum EKE (dashed line with cross in Figs. 5a and 5b) shifts slightly poleward with increasing D h . The location of the westerly jet also shows the same behavior. With this, the region of the maximum wave convergence in the subtropical lower stratosphere also shifts poleward, and this change makes wave-driven upwelling slightly less efficient with increasing D h , although still a larger wave convergence is observed at around 158 with increasing D h due to an increased baroclinic eddy production in the midlatitude. In addition, the domain integrated EKE (solid line with square) does not change linearly with D h as well. Its increment gets smaller with larger D h , and this also partly contributes to the saturation of CPT temperature change.
Although the above result clearly shows that the modeled CPT is primarily driven by baroclinic eddies, it is still plausible that CPT temperature is in part modulated by the thermally driven overturning circulation without wave driving. This possibility is tested by integrating the model with an axisymmetric (eddy free) configuration. This configuration has been widely used in the study of the Hadley circulation (e.g., Held and Hou 1980) . As described in section 2b, the weak vertical diffusion of n 5 0.4 m 2 s 21 is applied to momentum and thermodynamic equations in order to obtain the stationary solution. This weak diffusion is also adopted for the companion nonaxisymmetric (3D and eddy permitting) runs. Note that all other nonaxisymmetric model simulations discussed above do not have vertical diffusion.
Figures 5c,d compare CPT temperatures from the axisymmetric simulations with those from the companion nonaxisymmetric simulations with vertical diffusion. Because the CPT is not well defined in the axisymmetric runs, the coldest temperature between 50 and 500 hPa is used for CPT temperature of the axisymmetric runs. All axisymmetric simulations that have the stationary solution show about 198-K CPT regardless of D h and D y . This result indicates that the contribution of the thermally driven circulation (i.e., vertical extension of the Hadley cell) to the CPT is negligible. The vertical diffusion in the nonaxisymmetric runs tends to increase CPT temperatures (cf. black dots in the left columns to those in the right). However, CPT temperature and its behavior with increasing baroclinicity is still well observed, and the CPT of the nonaxisymmetric runs is much colder than the one in the axisymmetric runs.
d. Transient experiment
In order to explore the CPT formation in more detail, the temporal evolution of temperature is further examined in the UTLS by integrating the nonaxisymmetric model from the balanced axisymmetric initial condition described in section 2c. The initial condition, which is obtained from axisymmetric simulation, has a strong subtropical jet that extends into the whole stratosphere by maintaining the thermal-wind balance (Fig. 6) . A total of 40 ensemble simulations are made by integrating model with slightly different initial perturbations. The simple ensemble mean is used for the analysis. Figures 7a and 7b show the time evolution of temperature and zonal wind at 114 hPa from the ensemble mean. Temperature and zonal wind change substantially during the first tens of days as baroclinic eddies grow (Fig. 7c) . The temperature in the deep tropics slightly increases until 40 days, then drops quickly by 100 days and is roughly stabilized by 300 days at around 190 K. This result suggests that the formation of the CPT takes an order of 100-day time scale, which is a much longer time scale than that of synoptic-scale eddy evolution. The subtropical jets also weaken and move poleward as the CPT forms in the tropics (Fig. 7a) . Note that the warming observed during the early period is due to a transient circulation response to wave forcing in the subtropical upper troposphere (e.g., Abalos et al. 2014) . A transient downwelling forms in the deep tropical lower stratosphere during the initial adjustment stage (refer to Fig.  8a ), and this makes the transient warming near the tropical tropopause. Figure 8 presents the details of the CPT evolution and associated zonal-mean-flow and wave activity changes. For simplicity, the evolution process is classified into three stages. This classification is made subjectively based on the wave activity and zonal wind changes, but overall result is not sensitive to the details of the classification. Baroclinic waves grow rapidly in the midlatitude during the first few tens of days. They effectively transport heat from the tropics to the extratropics and deposit westerly momentum in the source region, causing the poleward shift of the tropospheric jet (Fig. 8a) . Although the EP-flux divergence (shading in Fig. 8b ) is negative in the midlatitude troposphere, this wave forcing is mostly compensated by the Coriolis torque of the strong poleward motion (refer to the streamlines in Fig. 8a) . Note that the horizontal EP flux diverges (eddy momentum flux converges) in the midlatitude troposphere, which indicates deposits of westerly momentum in this region. The resulting jet change is largely confined within the troposphere during this stage (Figs. 8a and 8b) . A strong westerly jet is maintained in the stratosphere for a while (refer to Figs. 8a and 8c ). This westerly jet allows baroclinic waves to propagate into the stratosphere matching the Charney-Drazin criterion (Charney and Drazin 1961) . The vertically propagating waves generally refract toward the equator and deposit easterly momentum on the equatorial side of the stratospheric jet, where the critical latitude is located (shading in Fig. 8d ). This wave forcing and associated zonal-wind deceleration primarily appear in the lower stratosphere by 50 days (not shown), then extend gradually toward the upper stratosphere. The overturning circulation in the stratosphere (Fig. 8c ) keeps accelerating the poleward side of the stratospheric jet. As a result, the poleward shift of the jet progresses in the stratosphere (;day 100). During this period, the overturning circulation extends deep into the stratosphere, and the distinct CPT starts to locate in the deep tropics (shading in Fig. 8c ).
3) STAGE 3: VERTICAL CONFINEMENT OF THE WESTERLY JET
As tropospheric waves propagate farther into the upper stratosphere, the westerly jet in the upper stratosphere begins to decelerate from the top (Fig. 8e) , where the critical level exists and maximum wave dissipation occurs (shading in Fig. 8f ; the critical line is found near 5-10 m s 21 contour lines). The resulting zonal-wind deceleration again lowers the critical level and associated wave breaking region. This successive downward movement of the zonal-wind deceleration shortens the height of the westerly jet, which results in the vertically confined westerly jet in the stratosphere (Fig. 8e) . A slow but further confinement of the jet occurs by day 300. During this stage, the stratospheric circulation is concentrated in the lower stratosphere, and the associated adiabatic cooling further intensifies the localized cold region in the tropical lower stratosphere (Fig. 8e) . The temporal evolution indicates that the CPT occurs in the natural balancing process between wave forcing and zonal-mean flow in the stratosphere. The wave forcing decelerates zonal wind in the subtropical and the midlatitude lower stratosphere, and the large-scale overturning circulation forms in the stratosphere to balance this wave forcing. This overturning circulation is characterized by localized upwelling in the tropical UTLS and broad downwelling in the extratropical stratosphere, and the tropical part of the circulation causes the formation of the CPT in the model. This feature resembles the shallow branch of the BDC observed in the real atmosphere.
One interesting aspect of this process is development of the reversed meridional temperature gradient in the UTLS. Because of the formation of the CPT in the tropics, the meridional temperature gradient in the midlatitude changes its sign at around 200 hPa (see Fig. 1b ). This reversed temperature gradient should be balanced by vertically decreasing westerly wind in the midlatitudes (through thermal wind balance) and makes the vertically confined westerly jet in the lower stratosphere. This vertical structure of the westerly limits the vertical propagation of Rossby wave and thus induces shallow wave forcing in the lower stratosphere. In this way, the CPT maintains its shallow vertical structure.
Sensitivity tests
The overall findings may be sensitive to the choice of model resolution and the T e profile. Likewise, the results may also change in the presence of planetaryscale wave sources. In this section, the robustness of the results is further tested by changing the model resolution, the T e profile, and surface boundary conditions. ; shading). Lapse-rate tropopause is presented as red curves. EP-flux vectors are scaled in height by multiplying by e z/H for visual clarity.
a. Model resolution
The sensitivity to the model resolution is tested with varying horizontal and vertical resolutions. Specifically, the model is integrated with the HS T e at T21, T42, T85, and T127 resolutions with 40 vertical levels (L40, hereinafter) or at T42 resolution with L20, L40, L80, and L160 levels. The vertical resolution is roughly equally increased in all levels. The results are summarized in Figs. 9a,b in terms of the tropical-mean (158S-158N) temperature profiles. All simulations exhibit the distinct CPT with quantitatively similar temperatures unless the model resolution is lowered to T21 or L20. This indicates that the overall results are quite robust to the resolution. In comparison to the control T42L40 run, T85 or L80 runs show slightly colder CPT temperatures, but the results present good convergence with higher resolution. Both L80 and L160 runs show small temperature departure from the T e in the middle stratosphere, which results in a more vertically confined CPT compared to that of L40. This result may suggest that a higher vertical resolution is needed to better represent the vertical profile of wave-driven upwelling in the mid-to upper stratosphere.
b. T e profile
To examine the sensitivity to the T e profile, the T e profile used in SW is tested as described in section 2c. The SW runs also reproduce the well-defined CPT (Fig. 9c) . Interestingly, the resulting CPT temperature is colder than that of the control run (the HS T e with D h 5 60 K and D y 5 10 K). This CPT temperature is not directly caused by the convective adjustment because the convective adjustment in the model cools the lower troposphere but heats the upper troposphere when temperature profile is unstable (SW). It is instead caused by wave-driven upwelling as in the control run. Although a direct comparison between the HS and SW simulations is difficult because they use different processes in setting the T e , the westerly jet in the SW run is located at lower latitudes and more confined in the lower stratosphere compared to that in the control run (not shown).
c. Planetary-scale wave source
All simulations discussed so far are performed with flat surface boundary condition. To test the potential impact of stationary waves on the formation of the CPT, the model is integrated with large-scale topography. Specifically, simulations are made with a sinusoidal topography of zonal wavenumber 1 or 2 as described in FIG. 9 . Temperature profiles averaged over the deep tropics (158S-158N) for different (a) horizontal resolutions (T21, T42, T85, and T127), (b) vertical resolutions (L20, L40, L80, and L160), and (c) equilibrium temperature profiles (HS and SW). Gerber and Polvani (2009) . To efficiently generate planetary waves, the topography is centered at 408N (covering 208-608N) where the maximum surface westerly is located.
The introduction of the topography makes notable changes in the tropospheric wave spectrum; thus, a corresponding change in upwelling is expected. Figure 10a shows portion of tropical upwelling that is driven by individual wave forcings decomposed by zonal wavenumber. The results from 3-km topography are shown here. The accumulation of each wave's contribution becomes total upwelling when the wavenumber is sufficiently large (Fig. 10a thin lines) . Interestingly, the result shows that the introduced topography does not significantly change total wave-driven upwelling at the modeled CPT, although planetary-scale wave activity is much stronger in topography experiments compared to that in control run (Fig. 10a ). As such, CPT temperatures are roughly the same in the topography and the control runs (Figs. 10b-d) . It should be noted that the relative contribution of planetary-scale waves versus synoptic-scale waves is notably modified by the large-scale topography. In the absence of topography, tropical upwelling is simply dominated by synoptic-scale waves of wavenumbers 4-6 as described in the previous section (e.g., Fig. 4b ). This synoptic-wave contribution is significantly reduced when wavenumber-1 or -2 topography is introduced in the model. Although not shown, qualitatively similar results (i.e., no net change in total upwelling but redistribution of its wave spectrum) are obtained with varying topography height.
The above result suggests that the CPT temperature is not sensitive to forced planetary-scale waves in the model. Although the partitioning between planetaryscale and synoptic-scale waves is changed by the surface boundary condition, the total wave activities in the lower stratosphere are qualitatively same in this simulation. In fact, Yu and Hartmann (1995) and Son et al. (2009) have shown that, regardless of the topography, the total eddy kinetic energy is largely conserved in the dynamic-core GCM if the available potential energy is fixed. Physically, the small sensitivity of upwelling to planetary-scale wave sources can be understood as a simple compensation of synoptic-scale wave forcing by planetary-scale one in the mechanism of wave-driven upwelling.
It is worth noting that the aforementioned sensitivity might change if a strong westerly (waveguide) exists in the stratosphere as in the Northern Hemisphere winter. As hinted from Figs. 10c and 10d, which shows a slightly deeper cold region into the stratosphere in the presence of the topography, planetary-scale waves tend to propagate deeper and make a vertically extended BDC than synoptic-scale waves do. They propagate even higher when strong westerly prevails in the stratosphere and drives a deep meridional circulation covering the whole stratosphere. The deep branch of the BDC may have less effect at the tropical tropopause compared to the shallow branch; thus, the roughly equal compensation shown in this experiment may not happen.
Summary and discussion
Several mechanisms have been proposed in the literature to explain the formation and maintenance of the CPT. They include radiative processes and radiativeconvective processes and wave-driven circulations by both the tropical and extratropical waves. Among them, the role of wave-driven circulation, focusing on tropical upwelling, is examined using synoptic-scale wave forcing in a series of dry dynamic-core GCM experiments.
The well-defined CPT is found in the idealized simulation. This result indicates that the CPT can be produced by baroclinic eddies without comprehensive moist and radiative processes. In the model, the CPT is maintained by adiabatic cooling from wave-driven upwelling near the tropical tropopause. This upwelling, which is a part of the BDC in the model, is primarily caused by mechanical drag from synoptic-scale wave dissipation (shown by the EP-flux convergence) in the subtropical and midlatitude lower stratosphere. A series of sensitivity tests further confirms that tropical upwelling and temperature at the CPT are systematically related to background baroclinicity of the model.
As expected, the CPT disappears in the axisymmetric (2D and eddy-free) model simulations. The transient simulation from the axisymmetric initial condition to the eddy-permitting state (3D) showed that the formation of the CPT is a part of balancing process between wave forcing and large-scale mean-flow responses in the lower stratosphere. Wave forcing in the lower stratosphere induces the tropical cold point through the stratospheric overturning circulation. In turn, the cold point limits further the region of wave breaking to the lower stratosphere by modifying vertical structure of the westerly jet. The shallow vertical structure of the CPT and overturning circulation in the lower stratosphere can partly be understood with this process. It is also found that planetary-scale waves forced by topography do not significantly change simulated tropical upwelling and temperature at the CPT, in contrast to the effect of background baroclinicity change. The topography forcing only modifies the wave spectrum of upwelling in the simulation.
The presence of the CPT could be one of the fundamental reasons why the midlatitude jet is confined within the troposphere and lower stratosphere. Without the CPT, the meridional temperature gradient in the midlatitudes does not change its sign rapidly in height; thus, the associated zonal wind should extend into the deep stratosphere via the thermal wind balance. In this sense, the formation of the CPT and related dynamic and thermodynamic processes are also important for understanding the structure of the westerly jet in the midlatitudes.
Since the HS forcing assumes the equinoctial condition with no temperature gradient in the stratosphere, the model results may be compared to observations during the equinoctial months. Figure 11 shows the climatological zonal-mean zonal wind and EP flux during March-May derived from ERA-Interim. In this season, the tropospheric jets in both hemispheres extend high into the lower stratosphere (Fig. 11a) , which is qualitatively similar to the modeled jet in Fig. 1b . The EP flux and its divergence (Fig. 11c) in the upper troposphere and stratosphere are also qualitatively similar to those in the model (Fig. 3b) . The decomposition of wave forcing into planetary-scale (Fig. 11b) and synoptic-and smallerscale components (Fig. 11d) reveals that contribution by nonplanetary waves is significantly large in the UTLS. Particularly, in the subtropical lower stratosphere (;308 in 50-100 hPa), forcing by synoptic and smaller-scale waves is comparable or even larger than that of planetaryscale waves (see the bottom panel of Figs. 11b,d) . Figure 12 presents the contribution of planetary and nonplanetary waves to upwelling in the deep tropic (158S-158N) computed from the reanalysis data. In the deep tropics, planetary-scale waves have a larger contribution to upwelling than synoptic and smaller-scale (mostly synoptic scale) waves do in all seasons. However, it is also evident that the synoptic and smaller-scale waves are also important for maintaining tropical upwelling. It is worth noting that the model experiments with 3-km topography still underestimate planetaryscale wave driving (Fig. 12) . It seems due to lack of other planetary-scale wave sources, such as tropical deep convection and land-sea contrast.
It is clear that wave-driven upwelling significantly contributes to the formation and maintenance of the CPT. However, the scale, origins, and types of waves involved in this process are still important issues that remain to be understood (Fueglistaler et al. 2009; Randel and Jensen 2013) . In addition, interactions between different types of waves through mean-flow change is also poorly known (e.g., the mean-flow change by planetary-scale waves can alter the propagation of synoptic-scale waves). These issues may be addressed through comprehensive model experiments with realistic wave sources and background conditions in the troposphere and stratosphere.
It is important to recall that the present study does not consider convective and realistic radiative processes.
Particularly, tropical convection and the associated equatorial waves are important in setting the horizontal structure of the CPT (Gettelman and Birner 2007; Fueglistaler et al. 2009 ). They also play important roles in sharpening the CPT (e.g., Kim and Son 2012; Paulik and Birner 2012) and enhancing tropical upwelling in the UTLS (e.g., Kerr-Munslow and Norton 2006; Ortland and Alexander 2014; Virts and Wallace 2014) . The height of the CPT and its sharpness are also partly influenced by the radiative processes (e.g., Thuburn and Craig 2000) . These missing convective and radiative processes may explain why the modeled temperature profile has a relatively broader peak at the CPT compared to the observation.
